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Abstract
The meridional overturning circulation (MOC) has been measured by boundary arrays in
the Atlantic since 2000. Over the past decade of measurements, however, the reported ten-
dencies in overturning circulation strength have differed between 16◦N and 26◦N. Here,
we investigate these differences by diagnosing their origin in the observed hydrography,
finding that both arrays show deep waters (below 1100 dbar) at the western boundary be-
coming fresher and less dense. The associated change in geopotential thickness is about
0.15 m2s−2 between 2004–2009 and 2010–2014, with the shift occurring between 2009–
2010 and earlier at 26◦N than 16◦N. In the absence of a similar density change on the east
of the Atlantic, this mid-depth reduction in water density at the west would drive an in-
crease in the shear between the upper and lower layers of North Atlantic Deep Water of
about 2.6 Sv at 26◦N and 3.9 Sv at 16◦N. These transport anomalies result in an intensi-
fying tendency in the MOC estimate at 16◦N, but at 26◦N, the method of correcting the
geostrophic reference level results in an opposing (reducing) tendency of the MOC. The
results indicate that both arrays are observing coherent, low frequency changes, but that
there remain discrepancies in the methods of addressing the geostrophic reference level for
boundary arrays measuring ocean circulation.
1 Introduction
The large-scale ocean circulation is often displayed in schematics with ribbons of
red and blue indicating warm and cold transports at different depths [e.g., Broecker, 1991;
Black, 2010]. These schematics capture several key aspects of the meridional overturning
circulation (MOC): that it includes warm thermocline waters flowing northwards in the
top 1000 m of the Atlantic and colder waters at depth moving generally southwards. The
thermocline waters carry heat northwards, while the deep waters, recently formed through
interaction with the atmosphere at the surface, store carbon and other properties at depth.
Zonally-averaging this circulation across the Atlantic basin from east-to-west, the merid-
ional flow (flow in the north-south direction) shows “overturning” with surface waters
moving northwards, deepening, then returning southwards at depth [Danabasoglu et al.,
2014]. The strength of the overturning then refers to the total northward flow in the top
∼1000 m of the Atlantic, which is equal and opposite to the southward flow below. This
overturning is typically about 17–20 Sv [1 Sv = 1,000,000 m3s−1; Lozier, 2010, 2012;
Srokosz and Bryden, 2015].
Schematics of overturning, while capturing some of the salient features, also con-
note a circulation that is simple and laminar, and when referred to as a “great conveyor”
suggest a conveyor belt moving at similar speeds everywhere. While time-mean circula-
tion shows a continuous northward flow across the tropics to mid-latitudes in the Atlantic,
variations in the strength of overturning at different latitudes may not be simultaneous. A
long simulation (1000 years) of the time-varying overturning circulation identified lower
frequency fluctuations in the subpolar regions and interannual variations in subtropical re-
gions [Zhang, 2010]. In particular, the subtropical transport magnitude exhibited variations
of the same sign as those in the subpolar regions, but at some time delay. More realistic
simulations investigating the coherence of the overturning find that across the subtropics,
fluctuations are relatively coherent, meaning instantaneously correlated, on interannual
timescales [r > 0.6 between 0–40◦N; Bingham et al., 2007]. Differences in the strength
of overturning between latitudes may result in local convergences or divergences of heat
[Cunningham et al., 2013; Kelly et al., 2014] which may in turn drive heat fluxes into or
out of the atmosphere.
Moored estimates of the time-varying transports in the Atlantic show substantial in-
terannual and sub-annual variability [Frajka-Williams et al., 2016; Send et al., 2011; Toole
et al., 2011]. However, efforts to link observations between distant individual latitudes
have been stymied by phase differences between sub-annual variations of the MOC [Elipot
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et al., 2014; Mielke et al., 2013; Dong et al., 2015]. Mielke et al. [2013] showed that the
seasonal cycles of the non-Ekman component of the overturning were 180◦ out-of-phase
between 26◦N and 41◦N, though the phasing of the observed seasonal cycle at 41◦N did
not agree with the modeled seasonal cycle. Elipot et al. [2014] also identified an out-of-
phase relationship between the large-scale transport fluctuations at different latitudes but
used only the western boundary density signals to compute transports. Some of these fluc-
tuations in transport have been found to have a fixed relationship to two modes of wind
stress variability over the Atlantic [Elipot et al., 2017], with locations at 16◦N and 26◦N
related to the first mode of variability, and the more northerly regions (∼ 40◦N) to the
North Atlantic Oscillation pattern of wind forcing over a 3.6 year period between 2004
and 2009.
On longer (interannual-to-one-decade) timescales, where the overturning circula-
tion may be expected to represent larger-scale basin-wide fluctuations in ocean circula-
tion, the MOC at 26◦N has reported a weakening trend over the period 2004–2012 [Smeed
et al., 2014]. Similarly, at 16◦N, the reported transports showed a weakening MOC over
2000–2010, resulting primarily from density tendencies at the Mid-Atlantic Ridge [Send
et al., 2011]. We will show that over the overlapping period, the reported tendencies of
the MOC strength at the two latitudes are opposing. Transports at both latitudes are mon-
itored using a boundary mooring approach, where temperature and salinity profiles are
measured continuously at western and eastern edges, spanning great swaths of the ocean.
The method of calculating transports relies on the thermal wind relation between merid-
ional shear in transports and zonal density gradients. However, thermal wind only deter-
mines the velocity shear relative to a level of no or known motion. The methods used to
compute transports at the two latitudes differ in their application of a choice of reference
level.
In this paper, we explore whether or not the MOC is coherent between 16◦N and
26◦N in the Atlantic, from observations. In section 2, the data and methods are described.
In section 3, we discuss the reported MOC transports from the two latitudes. In section
4, we diagnose the hydrographic changes that give rise to the changes in the calculated
transports. Finally, in section 5 we conclude and highlight the key issue of the choice of
reference level for transport estimates.
2 Data & Methods
Data used here are from two mooring arrays in the Atlantic: the RAPID Climate
Change (RAPID) and Meridional Overturning Circulation and Heat transport Array (MOCHA)
moored observations at 26.5◦N from 2004–2015 and the Meridional Overturning Variabil-
ity Experiment (MOVE) moored observations at 16◦N from 2000–2016 (Fig. 1). Both
arrays were designed to estimate the strength of the overturning circulation using boundary
measurements, but there are significant differences in their approaches to estimating the
MOC (detailed below).
2.1 RAPID 26◦N observations
At the western boundary at 26◦N, the primary dynamic height observations are from
a full-depth mooring in 4000 m at 26.5◦N, 76.75◦W (WB2). Below 4000 m, instrument
records are taken from nearby (within 25 km) moorings, including WBH2 and WB3.
Temperature and salinity records from individual instruments are vertically interpolated to
form a western profile of hydrographic data as described in McCarthy et al. [2015]. Dur-
ing November 2005 to March 2006, the WB2 mooring failed, and so during this period,
data from the WB3 mooring at 26.5◦N, 76.5◦W were substituted. Typical instrument con-
figurations on this mooring include 18 MicroCAT (Sea-Bird Electronics, Bellevue, WA)
records between 50 and 4800 dbar, though specific instrument locations and sampling in-
tervals have varied over the 10 years of observations. Field calibrations are carried out
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Figure 1. Moored observations at RAPID 26◦N and MOVE 16◦N. Bathymetry is shaded in color. The
coloured boxes indicate the regions where transport is estimated by the two arrays.
on individual instruments by mounting them to the conductivity-temperature-depth (CTD)
rosette for pre-deployment and post-deployment casts. MicroCAT measurements are com-
pared to those from the CTD at bottle stops, with drifts between the pre-deployment and
post-deployment casts used to offset the time series observations. Individual instrument
records are filtered with a 2-day low pass filter to remove the tides before gridding ver-
tically to 20 m resolution. Full details of the data processing can be found in McCarthy
et al. [2015].
The MOC at 26◦N is calculated by combining the in situ moored observations with
estimates of the Florida Current transport and surface meridional Ekman transport. In this
way, there is a depth-resolved estimate of transport spanning the Atlantic from Florida to
the Canary Islands. The in situ moored observations are used to calculate dynamic height
profiles relative to 4820 dbar, from which geostrophic shear is calculated by differencing
dynamic height profiles (east minus west) across zonal sections of the array as
Tint (p) = Φeast (p) − Φwest (p)f (1)
where f is the Coriolis parameter, and Φeast and Φwest the dynamic height anomalies at
a given pressure level p relative to zero at 4820 dbar at the east and west of the Atlantic,
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respectively. Dynamic height is estimated from measured density profiles as
Φ(p) =
∫ p
4820
δ(p′) dp′ (2)
where δ the specific volume anomaly (1/ρ). In a geostrophic calculation, a choice of ref-
erence level (level of no motion) or barotropic velocity (level of known motion) must be
applied. At 26◦N, the deepest common level between moorings (4820 dbar) is used as
an initial reference level, assuming it is a level of no motion. These geostrophic trans-
ports are then combined with the net northward Florida Current (about 31 Sv), the net
northward meridional Ekman transport (about 3 Sv) to produce a net transport estimate
across the section every 12 hours. However, the net transport across the section calculated
in this way is non-zero (and can be on the order of 10 Sv). Since it is aphysical that the
Atlantic has a net northward transport of 10 Sv persisting over days to months, this indi-
cates that 4820 dbar is not a level of no motion (zero flow). To compensate for the net
transport across the section, zero mass transport across the section is assumed and a flow
in the equal and opposite direction is applied. This flow is applied uniformly across the
section (equal velocity at each depth and longitude), resulting in a width-weighted pro-
file of transport-per-unit depth. Applying a compensation velocity in this way is consistent
with the geostrophic shear calculation—a depth-independent velocity would not be mea-
sured by the ocean density variations. Equal distribution across the section is the simplest
choice for how the velocities are distributed.
After this compensation transport profile is applied to the geostrophic transports be-
tween the Bahamas and Canary islands, the transport-per-unit depth is accumulated from
the bottom to top. By construction, the integral is zero at the bottom and top. The depth
where the transport is maximized is called the depth of maximum overturning, and the
value at that depth is the value of the MOC. In this way, the MOC transport value is equal
to the sum of the northward flowing waters above the depth of maximum overturning
(about 1100m, but varies in time), and equal but opposite to the sum of the southward
flowing waters below this depth.
2.2 MOVE 16◦N observations
The main western mooring site of the MOVE 16◦N array is MOVE3, a single, sub-
surface mooring that was initially deployed in early 2000 and has been in operation ever
since. The location is approximately 16.3◦N, 60.5◦W, at 5000 m water depth a short dis-
tance east of Guadeloupe. Measurements of temperature, salinity, and currents are made
from this platform [Kanzow et al., 2006]. Instrumentation has varied over the years; the
present configuration has 21 MicroCAT instruments for temperature and salinity covering
the depth range from 50 m to the seafloor. Earlier deployments only covered the deeper
layers below 1000 m.
Removal of sensor drift is done with CTD casts before deployment and after recov-
ery [Kanzow et al., 2006], identical to the 26◦N array. The calibrated, quality-controlled
data are made publicly available through the OceanSITES data portals (www.oceansites.org).
Data available at OceanSITES also includes six additional sites where MOVE has made
observations, two of which are still in operation and together with MOVE3 have formed
the core array since early 2000 [Send et al., 2011]: MOVE1 is near the Mid-Atlantic Ridge
at 51.5◦W and has MicroCAT instruments like MOVE3, and MOVE4 is a short distance
west of MOVE3 and carries current meters to directly capture the boundary current.
The MOC at 16◦N is calculated as the deep southward-flowing transport across the
array between pressure levels of 1200 and 4950 dbar. The transport is computed as the
sum of two components [Kanzow et al., 2006]: a “boundary” component from direct cur-
rent meter measurements at MOVE3 and west of it at MOVE4, an “internal” component
using dynamic height profiles at MOVE3 and the eastern MOVE1 site referenced to zero
flow at depth. While an “external” component can be derived from seafloor pressure ob-
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servations at MOVE1 and MOVE3, they cannot be used to analyze low-frequency vari-
ability due to required de-trending [Kanzow et al., 2006]. Since low-frequency variability
is absent in the external component by construction, it is instead assumed that zero flow
is a good approximation for slow changes at the 4950 dbar depth. This level coincides
with the interface depth between northward-flowing Antarctic Bottom Water (AABW)
and southward-flowing North Atlantic Deep Water (NADW). The array, being west of
the Mid-Atlantic Ridge, explicitly assumes that the southward-flowing NADW is concen-
trated in the western half of the basin. The assumptions regarding the reference level and
use of only the western basin were validated through numerical simulations early on in
the project [Kanzow, 2004; Kanzow et al., 2006]. In the original representation of south-
ward MOVE transports as negative numbers, stronger flow corresponds to stronger neg-
ative numbers. For a more straightforward comparison with the transports at 26◦N, here
we flip the sign of the reported MOVE 16◦N overturning to make stronger flow show as
stronger positive.
2.3 Time series processing
Data from both 26◦N and 16◦N were bin-averaged into monthly time series. In order
to focus on interannual and longer-term variations, a seasonal climatology was removed
and time series were filtered with an 8-month Tukey window. While some sub-annual
variations remain, the < 1-year filter window permits better identification of the timing of
changes. In calculating correlations between time series, statistical significance was based
on two-tailed t-tests where the numbers of degrees of freedom were determined from the
integral time scale of decorrelation (Emery and Thomson, 2004).
2.4 Differences in MOC methodology at 16◦N and 26◦N
Two major differences exist between how the two arrays determine the strength of
the MOC. First, at 16◦N, the array extends eastward only to the Mid-Atlantic Ridge while
at 26◦N, it extends eastward to Africa. This was justified by observing system simulation
experiments (OSSEs) at 16◦N which showed that on longer timescales (4+ years), trans-
port fluctuations at 16◦N are primarily due to density changes at the western boundary
[Kanzow, 2004]. This assumption is further supported by the 26◦N observations that have
shown that the western boundary dominates transport variability on interannual and longer
timescales [Frajka-Williams et al., 2016].
The second difference is the way in which variability at the reference level is ad-
dressed. Traditionally, geostrophic shear is referenced to a level of no motion, where the
dynamic height is reference to a level where flow is weak or absent, and so the calculated
geostrophic velocity is zero at this depth [Talley et al., 2011]. At 16◦N, this is applied as
a constant-in-time deep level of no motion (4950 dbar), while at 26◦N, the shear is ref-
erenced to a deep level of no motion (4820 dbar), but transports are later adjusted by a
barotropic velocity profile (applied hypsometrically, or uniformly across the section). This
compensation is chosen to ensure zero net mass transport across the latitude section, and
is effectively the same as applying a time-varying deep velocity across 26◦N.
In the following analysis (§3), we will evaluate the two MOC time series for the
different latitudes as published, but removing the contribution of meridional Ekman trans-
port from the MOC at 26◦N. However, the differences in methods introduce uncertainty
in making direct comparisons between the two. Following this initial analysis, we will fo-
cus on how the calculated transports change as a consequence of measured hydrographic
changes.
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3 MOC transports at 16◦N and 26◦N
At 26◦N over the period Apr 2004 to Oct 2015, the MOC transport was 16.9 ± 3.4
Sv (as mean ± standard deviation, Fig. 2). Over the full MOVE record (Feb 2000 to Feb
2016), the mean overturning strength at 16◦N is 24.1 ± 4.0 Sv, while over the 11.5-year
overlap period (Apr 2004 to Oct 2015), the mean at 16◦N is 24.1 ± 4.2 Sv. Here, the
standard deviations were calculated on monthly binned time series. While these estimates
suggest the overturning is 7 Sv stronger at 16◦N than at 26◦N, the array at 16◦N is de-
signed to capture the variability of the overturning rather than the mean. A small portion
(about 1 Sv) of the difference in the mean between the two transports can be attributed to
a throughflow at 26◦N that is not accounted for in the zero net mass transport assumption;
there is about 1 Sv of net throughflow from the Pacific, through the Arctic and southward
in the Atlantic associated with the Bering Strait throughflow. Including this throughflow
would slightly increase the southward deep flow at 26◦N.
Figure 2. (a) Time series of meridional overturning circulation strength at 16◦N (black) and 26◦N (red)
in the Atlantic. Transport is reported as positive for northward flowing water above the depth of maximum
overturning. (b) The variability of the monthly time series as a box plot, where the horizontal line notes the
median, the box the middle quartiles, and the vertical line the full range.
The long term tendencies at the two latitudes also differ. At 26◦N the strength of
the overturning has been reported as decreasing [Smeed et al., 2014; Frajka-Williams et al.,
2016] at a rate of about 0.5 Sv/year, far exceeding that found in climate model variations
[Roberts et al., 2014]. Using the deseasonalized, 8-month filtered time series, we find that
over the overlap period of April 2004 through Oct 2015, the 26◦N MOC shows a decrease
of 3.7 Sv (Fig. 3), with a slope of −0.37 ± 0.34 Sv/yr. The overturning at 16◦N, on the
other hand, shows an increase of 8.1 Sv—more than double the rate of decline at 26◦N,
where the trend is 0.81 ± 0.56 Sv/yr. Here, confidence intervals are reported for 90% con-
fidence on the slope following, e.g. Sveshnikov [1968] and using the integral timescale of
decorrelation [Emery and Thomson, 2004] to calculate the number of degrees of freedom
(7.7 at 16◦N and 8.7 at 26◦N). A net convergence of only 1 Sv for a year would result in
a sea level increase of about 5 m (based on 5 years and an area of 1000 km× 6000 km
between the two latitudes). These transports suggest that deep southward flow at 16◦N has
increased relative to the deep southward flow at 26◦N by more than 11 Sv. How can we
reconcile these differences in transport?
Some of the difference may be that the net transport across all of 16◦N is not mea-
sured (Fig. 1). Deep transports east of the mid-Atlantic ridge are also neglected. For these
unmeasured transports to make up the difference between 16◦N and 26◦N, there would
need to be northward flowing NADW in the eastern basin which recirculates southward in
the west, contributing to the southward transports measured by the MOVE array west of
the Mid-Atlantic Ridge. This flow would, however, need to cross the Mid-Atlantic Ridge
in order to supply the deep transport west of the Mid-Atlantic Ridge; it may be possible
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Figure 3. Transport time series (8-month low pass filter) and trends for the Atlantic MOC anomaly at
26◦N and 16◦N. Trends are computed over the overlap period (April 2004 through October 2015) and are
shown with uncertainties on the trend calculated for 90% confidence. Confidence intervals were calculated
as ±tn−20.1 σˆb where tn−20.1 = 1.91 for 26◦N and 1.96 for 16◦N. Number of degrees of freedom (n) were calcu-
lated using the integral timescale of decorrelation. Uncertainty on the slope estimate (σˆb) was computed as
σˆe/√nσt following e.g., Sveshnikov [1968].
for some deep flow to cross the Mid-Atlantic Ridge through deep channels (e.g., the Kane
Fracture Zone at 24◦N), though we do not explore this possibility further here. It is highly
unlikely that the difference between the arrays would be made up by additional NADW
formation between 16◦N and 26◦N, contributing to the enhanced southward flow at 16◦N.
However, one could envision that changes to the largely unmeasured AABW flow or deep
volume storage/release could contribute to the difference.
Transports are, however, highly sensitive to the choice of a geostrophic reference
level. Changing the deep reference velocities by just 1 mm s−1 across an ocean section
6000 km wide and 4000 m deep results in a transport change of 24 Sv (0.001 m/s×6000 km×
1000 m/km× 4000 m). The difference in transports between 16◦N and 26◦N may critically
come down to the treatment of the reference level. While the deep level of no motion at
16◦N was supported by the comparison of deep-referenced velocities with in situ bottom
pressure measurements [Fig. S5 in Send et al., 2011], this comparison was only possible
on sub-annual timescales. On longer timescales, bottom pressure records are subject to
instrumental drift [Watts and Kontoyiannis, 1990].
It is beyond the scope of the current paper to recommend adjustments to the method
of estimating overturning from dynamic height mooring arrays and the application of a
geostrophic reference level. These are important and broad questions which cannot be
conclusively answered by the available observations. Instead, we will focus on what the
observations can tell us, how they compare between the two latitudes, and how (after
demonstrating striking similarities in the observed tendencies at the two latitudes) the
opposing tendencies in transport arise. These investigations will make clear the impor-
tance of the treatment of deep reference level, but will also give insight into how the baro-
clinic circulation in the deep North Atlantic has been changing coherently on interannual
to decade-long timescales.
3.1 Dynamic height changes
At both latitudes, the interior basin transports are calculated from dynamic height
differences between the west and east but also current meter measurements very near
(within 25 km of ) the western boundary. The direct current meter measurements con-
tribute little to the deep transport (not shown), so we will not consider them further. To
identify the origin of the transport variations, we will separate equation (1) into the east-
ern and western side. Several previous investigations have considered the eastern and
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western boundary sources separately, to better identify dynamic origins of transport changes
[see for example Kanzow et al., 2010; Duchez et al., 2014; Elipot et al., 2014]. For the pur-
poses of a more direct comparison between 16◦N and 26◦N, we reference dynamic height
to zero at 4820 dbar at both arrays and neglect fluctuations below 4820 dbar, including
any northward flowing AABW. These transports are expected to be small (∼1 Sv at 26◦N)
with small variations [standard deviation of 0.4 Sv over 6 months Frajka-Williams et al.,
2011; McCarthy et al., 2015]. Note that while we are using western boundary dynamic
height measurements, this is not the same as the deep western boundary current (DWBC)
which is considered to be the intensified southward flow found near the western boundary.
The data shown here represent transbasin transports (or partial transbasin transports, in the
case of 16 N), which encompass both the DWBC and interior flow.
Figure 4. Dynamic height anomalies at the (a) western boundary and (b) eastern boundary of RAPID 26◦N
and (c) western boundary and (d) west of the MAR at MOVE 16◦N. In all cases, dynamic height is referenced
to zero at 4820 dbar (grey dashed line). A transition from negative (green) to positive (pink) dynamic height
anomaly at 1000 dbar indicates a relatively strengthening of the southward upper NADW (1000–3000 dbar)
relative to the southward lower NADW (3000–5000 dbar).
In the west at both latitudes, there is a clear shift from low to relatively higher dy-
namic height anomalies (Fig. 4a,c), where higher dynamic height corresponds to waters of
lighter density. Notably, the shift is of the same sign at both latitudes. The transition from
low-to-high occurs around 2009 at 26◦N, and some months later at 16◦N. Dynamic height
anomalies are zero at 4820 dbar by construction, with an increasing amplitude relative to
the bottom. The rate of change of dynamic height anomaly with depth appears to increase
across the depth range 2000–3500 dbar, which would indicate that density anomalies in
the range 2000–3500 dbar are responsible for changes in shear through equation (2).
In contrast, dynamic height anomalies at the eastern boundary of 26◦N (off the Ca-
nary islands) show markedly weak interannual variability (Fig. 4c), indicating little to no
density fluctuations or contribution to the transbasin shear. This suggests that Φwest dom-
inates equation (1) for 26◦N [consistent with previously reported transport fluctuations in
Frajka-Williams et al., 2016]. The eastern limit of the 16◦N array is at the western flank
of the Mid Atlantic Ridge; here, fluctuations are only slightly weaker than at the western
boundary of 16◦N, and the dynamic height anomalies also show a tendency from negative
to positive (Fig. 4d).
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3.2 Dynamic height contributions to shear
To quantify the fluctuations in shear at both latitudes—independent of the choice of
reference level—we calculate the dynamic or geopotential thickness between two depths
(Fig. 5). At the western boundary of both 16◦N and 26◦N, the thickness anomaly has
shifted from negative to positive (Fig. 5a). The dynamic thickness anomaly is also cal-
culated at the east (Fig. 5b). At 26◦N, the deep dynamic height variability is negligible in
the east. At 16◦N, there are a few larger variations in 2007 and 2009, but since 2004, the
eastern boundary dynamic thickness anomaly has been relatively smaller than at the west.
Comparing the two 5-year periods (2004–2009 and 2009–2014), the dynamic thickness in
the west of this layer at 16◦N changed from 11.65 ± 0.07 to 11.79 ± 0.08 m2s−2 (mean
± standard deviation calculated on monthly binned time series). At 26◦N, the change was
from 11.82 ± 0.05 to 11.96 ± 0.07 m2s−2. At both latitudes, the geopotential thickness
change or shear increased by about 0.14 m2s−2. In the calculation of transport, equation
(1) applied to both latitudes, the transport tendency will be towards more negative trans-
ports at 1200 dbar relative to 4000 dbar.
Figure 5. Dynamic thickness anomaly time series at (a) the western boundary of RAPID 26◦N and MOVE
16◦N and (b) the eastern boundary of RAPID and the eastern mooring of MOVE (west of the Mid-Atlantic
Ridge).
Using equation (1) replacing Φeast with its time-mean, we can estimate the veloc-
ity profile due to dynamic height variations at the west only (Fig. 6). At both latitudes,
the dynamic height changes from prior to 2009 to more recent periods give a consistent
strengthening tendency of the southward flow in the upper NADW (1100–3000 dbar)
layer. We can further see that this transition occurred relatively abruptly in 2009, with the
velocity profiles grouping into two clusters for before and after.
Shear in the transport due to dynamic height anomalies at the west (Φ′west ) can also
be estimated between the two layers (1100–3000 m and 3000–5000 m) by scaling by f
and integrating in depth as
Vz =
∫ 1100
3000
−Φ′west
f
dz −
∫ 3000
5000
−Φ′west
f
dz (3)
where the first integral represents the transport contribution from the intermediate layer
(upper NADW), and the second integral from the lower layer (lower NADW). For the pe-
riod Feb 2000–April 2001, MOVE data in the west are absent between 1100 and 1200
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Figure 6. Velocity estimates derived from dynamic height anomalies calculated at the western boundary
profiles from (a) RAPID 26◦N and (b) MOVE 16◦N, following Send et al. [2011]. Dynamic height anomalies
were integrated relative to a deep reference level.
dbar, so these have been filled in with the time-mean profile. Computing Vz at both lati-
tudes gives a sense of the change of the circulation in units of Sv, where a positive value
represents a strengthening of the upper NADW transports relative to the lower NADW
transports (Fig. 7). Between the two five year periods, both latitudes showed an increase
in the shear transport of 3.9 Sv (MOVE 16◦N) and 2.6 Sv (RAPID 26◦N). Note that while
the geopotential thickness anomaly at the two latitudes was similar, f is smaller at 16◦N
resulting in a larger transport anomaly.
Figure 7. Shear anomaly due to western boundary dynamic height changes as in equation (3) for MOVE at
16◦N (black) and RAPID at 26◦N (red). The observed dynamic height anomalies represent an increase in Vz
by about 3.9 Sv (MOVE) and 2.6 Sv (RAPID) between the two 5-year periods, 2004–2009 and 2009–2014.
These results show that the observed dynamic height changes at the western bound-
ary of the Atlantic are consistent in tendency (towards positive thickness anomaly) and
timing (between 2009–2010) at both latitudes. This results in the same sign effect on
changes to the geostrophic transport, Tint , relative to a deep level of no motion. The ef-
fect of these changes is to intensify the shear between the lower and upper NADW lay-
ers (Fig. 6 & 7). At 16◦N, this directly translates into a strengthening of the estimated
MOC. The velocity profiles from Fig. 6 are integrated below 1200 m, and the latter half
of the period shows stronger southward flow. As a consequence, the estimated MOC has
strengthened. At 26◦N, the shear profiles are combined with a time-varying hypsometric
compensation before transports are estimated. First, we investigate the origin of the shear
changes in the western boundary (§4).
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4 Hydrographic changes at the west in the Atlantic
Temperature-salinity (T-S) diagrams of water mass properties at 26◦N and 16◦N
show variations from warm and salty in the thermocline to cold and fresh at depth, with
only a modest change in slope of the T-S relationship around 2000 m (Fig. 8). This bend
in the curve corresponds to the transition between central Labrador Sea Water (cLSW) and
Iceland-Scotland overflow water [ISOW van Sebille et al., 2011]. At 26◦N, in the recent 10
years, the waters below 1100 m have tended towards cold and/or fresh on all isopycnals
with the exception of at 2000 m (cLSW) where the properties have remained the same.
At 16◦N, properties at all depths have tended towards cold and fresh on isopycnals below
1100 m. These changes are consistent with, but have smaller amplitude than, the cooling
and freshening observed at 26◦N from hydrographic sections over the period 1984–2010
[van Sebille et al., 2011].
Figure 8. 3-year averages of the monthly binned conservative temperature and absolute salinity, where
00/03 indicates the period October 2000 through September 2003. Contours are the σ0 densities. Average
depths are indicated by the black lines.
In the vertical, temperature profiles decrease to a minimum of about 1.8◦C at 26◦N
and 1.9◦C at 16◦N (Fig. 9). Salinities at both latitudes are fresher at depth than in the
thermocline. At mid-depths, warmer, saltier waters are found (around 3◦C and 35.1 around
2000 m). Over the 11-year RAPID deployment and 16-year MOVE deployment, the wa-
ters at depth (below 1000 m) have tended towards fresher water; temperature changes on
depth surfaces are more ambiguous, with temperatures below 3500 m cooling at 16◦N but
warming at 26◦N.
Comparing the average properties between 1200 and 4650 dbar between two com-
plete five-year periods of observations, Apr 2004–Mar 2009 and Apr 2009–Mar 2014,
temperatures warmed at 26◦N by 0.023◦C, from 2.77 ± 0.03 to 2.79 ± 0.03◦C, while
salinities freshened by 0.002, from 35.104 ± 0.002 to 35.103 ± 0.002 (mean ± standard
deviation on the monthly binned time series). At 16◦N, over the same two five-year pe-
riods, temperatures between 1200–4650 dbar warmed by 0.018◦C, from 2.81 ± 0.03 to
2.83± 0.03◦C. Salinities freshened by about 0.003, from 35.111± 0.002 to 35.108± 0.003.
At both latitudes, the warming and freshening results in lighter (less dense) waters at the
western boundary at depth. While observed changes are near the estimated accuracy of
measurements [McCarthy et al., 2015], the shift in properties between the two periods is
statistically significant, and contributes to changes in density and dynamic height.
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Figure 9. (a) Absolute salinity and (b) conservative temperature profiles from the western boundary of
the RAPID 26◦N and MOVE 16◦N, in red and grey tones, respectively. Darker colours indicate later 3-year
averages as in Fig. 8. Panels (c) and (d) are insets of salinity and temperature for the depth ranges 2250–2750
and 4000–4500 dbar, respectively.
Density variations
The effect of T-S variations on transport is through density. Above, we saw that
there was a consistent tendency towards freshening at both latitudes, but did not investi-
gate the timing of those changes. We will do this with density, but first will investigate
the vertical coherence of density anomalies at each latitude to gain insight into the depth-
structure of density fluctuations. At each depth, we compute a time series of the density
anomaly from the time mean. These anomaly time series are then correlated with each
other to identify covariability between density anomalies at different depths. Fig. 10 shows
the correlation coefficient between density anomalies at one depth (x-axis) with those
at another depth (y-axis). Since density anomalies at the same depth are exactly corre-
lated (correlation coefficient of 1), the 1-1 axis from upper left to lower right is exactly 1.
Broader patches of high correlation around this axis are found for 26◦N in the depth range
1100–4800 m and for 16◦N in the range 1200–4650 dbar. This means, for example, that
density anomalies at 2000 m co-vary with density anomalies at 4000 m. Overall, it sug-
gests that density anomalies everywhere below 1200 m co-vary, or similarly, that the time
series of density anomalies at a single depth will represent the variability for the whole
deep layer. In contrast, in the thermocline above 1200 m, the red areas of co-variability
contract back together towards the 1-1 diagonal (Fig. 10), indicating that density anoma-
lies above 1200 m do not co-vary with density anomalies below 1200 m.
The high degree of covariability below 1200 m simplifies the comparison of den-
sity anomalies between latitudes, because it means that density fluctuations are largely
coherent below 1200 m and the comparison between latitudes will not strongly depend
on a particular choice of depth. It also gives confidence in calibrations and sensor stabil-
ity. Based on these results, we may be able to apply a layered approximation of the ocean,
with a small number of layers (2–3) explaining a large fraction of the observed density
and transport variations.
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Figure 10. Correlation between density anomalies at each depth from (a) the western boundary of RAPID
26◦N, and (b) the western boundary of MOVE 16◦N. Red colours indicate positive correlation (coherent vari-
ations) while blue colours indicate negative correlation (anti-phase variations). Grey dashed lines are at 1200
m.
While the time series of observations are relatively short for investigating interan-
nual variations, we investigate the relative timing of changes at the two latitudes by cal-
culating a lag-correlation between density anomaly time series at each depth (Fig. 11a).
Above 1200 m, there is little to no relationship between density anomalies at 26◦N and
16◦N. Between 1200 m and 4650 m, density anomalies are correlated, with anomalies at
16◦N tending to occur simultaneously or after those at 26◦N. Highest correlations are for
RAPID 26◦N leading MOVE 16◦N by less than 1 year, with a secondary region of ele-
vated correlation around 24 months (RAPID leading MOVE) for densities below 3500
m. The strongest correlations occur around 1500 bar and 3500–4000 bar. Fig. 11b shows
an example of a time series of density anomalies at 3800 dbar from RAPID 26◦N and
MOVE 16◦N, with the time series from 26◦N shifted later by 7 months, which gives the
maximum correlation. Both latitudes show a transition from relatively dense to relatively
light waters at the end of 2009 at 16◦N (and 7 months earlier at 26◦N). These shifts are of
the same sign and similar magnitude at the two latitudes and are directly responsible for
the increase in dynamic height anomaly over the same period. Seven months corresponds
to a speed of order 10 cm/s. This is about ten times faster than the overall speed of advec-
tion between the Labrador Sea and 26◦N [van Sebille et al., 2011], but this is not surpris-
ing when compared to model results showing a faster adjustment over the subtropics than
from the subpolar to subtropical gyre [Zhang, 2010].
5 Constructing the MOC at 26◦N - reversing the trends
From the moored profiles of temperature and salinity, we have seen that a deep
freshening occurred at both 16◦N and 26◦N, leading to a decrease in deep densities, and
through it, an increase in dynamic height anomalies at the western boundary. This has
contributed to a strengthening of the deep shear at both latitudes, occurring around the
end of 2009 at 16◦N, and a few months earlier at 26◦N. At MOVE 16◦N, the resulting
strengthening of the upper NADW layer (Fig. 6) directly translates into a strengthening
of the southward MOC, as the MOC is calculated as the integral of the geostrophic shear
profile between 1200 and 4950 m [Kanzow et al., 2006; Send et al., 2011].
At 26◦N, however, the total transports across the section include both the geostrophic
interior flow (Tint ) but also the compensation term, so that the overturning (Ψ) includes
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Figure 11. Lag correlation between density anomalies at different latitudes but the same depth. (a) Corre-
lation coefficient between density anomalies at the western boundaries of MOVE 16◦N and RAPID 26◦N, as
a function of depth (y-axis) and lag in months (x-axis). (b) Time series of density anomalies at the two lati-
tudes, at 3800 dbar. The density time series from RAPID 26◦N has been shifted forward in time by 7 months.
Positive lag corresponds to 26◦N leading 16◦N.
contributions from multiple components as
Ψ =
∫ z
Tgs + Tek + Twbw + Tint + Tcomp dz (4)
where Tgs and Tek are the transports of the Florida Current and surface Ekman transport,
respectively, and Twbw is from direct current meter observations in the western wedge
[McCarthy et al., 2015]. Tgs and Tek have little interannual variability over the 2004–2015
period (Fig. 12a). The changes we described above in dynamic height at the west result
in an intensification of the southward geostrophic flow referenced to the bottom, shown in
Fig. 12c. These are similar to the changes estimated at 16◦N.
However, the geostrophic thermocline transports (Fig. 12b) also show an increase
in the southward flow. The RAPID method applies a constraint of zero net mass trans-
port across the section at 26◦N, which appears in the Tcomp term (Fig. 12a). Because the
geostrophic transports are so large, particularly by the time the dynamic height anoma-
lies have been integrated up to the top 1000 m, the compensation transport is large and in
the opposite direction (showing a tendency towards less southward/more northward flow).
This compensation transport is applied hypsometrically (i.e., uniform velocities at each
depth and longitude), which means that when integrated over the NADW layer (1100–
5000 dbar), roughly 80% of the compensation transport is applied to the deep flow. As
a consequence, Tcomp dominates over the geostrophic contribution Tint in the deep layer,
resulting in the overall weakening of the overturning circulation seen in Fig. 2. Hence we
see that while both arrays show the same tendency in the baroclinic (shear) fluctuations,
towards enhanced southward flow in the UNADW layer relative to the LNADW layer,
the application of the zero net mass transport constraint at 26◦N reverses the tendency
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of the MOC transport. Without the zero net mass transport constraint, using a deep and
fixed level of no motion for the geostrophic transports, the MOC transport at 26◦N shows
a strengthening tendency.
Figure 12. Total transports at 26◦N, applying mass compensation. (a) Florida Current Tgs (blue), Ekman
Tek (black), western boundary current meter estimates Twbw (green), geostrophic estimates Tint , relative to
0 at 4820 dbar (magenta) and external or compensation transport Tcomp (black dashed). The sum of these is
zero at all times. (b) Geostrophic transport in the thermocline (0–1100 m, magenta) relative to 0 at 4820 dbar,
and the compensation applied over the 0–1100 m layer (black dashed). (c) Geostrophic transport in the deep
layer (1100m–bottom) and the compensation applied over this layer (black dashed).
6 Conclusions, Discussion, and Outlook
Despite differences in methodology between the MOVE 16◦N and RAPID 26◦N
boundary arrays for estimating ocean transport, there are coherent observable changes over
the 11- and 16-year moored observations: When examined more closely, we see that both
latitudes derive most of observed low frequency variability in calculated MOC transports
from the western boundary densities. Both latitudes indicate a freshening of the deep lay-
ers at the west over the 2004–2014 period. This, in turn, contributes to a lighter deep den-
sity and thicker dynamic height anomaly at the west, with similar magnitudes and a shift
at both latitudes around 2009–2010. These changes are computed directly from density
observations, but may arise from either property changes (Fig. 8) or thickness/volume
changes of a particular layer. The vertical coherence in the observed property changes,
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and inter-array coherence give confidence that the measurement accuracy is sufficient to
resolve the changes. This is a relevant point because the observed freshening signals are
small and require careful calibration of the salinity sensors. The freshening signal results
in a consistent change in the transbasin shear at each latitude. The vertical shear changed
such that southward flow in the subtropical North Atlantic below 3 km weakened relative
to the southward flow above, and this shift occurred between 2009–2010. These results
show that the deep baroclinic circulation in the Atlantic—potentially the component of
the circulation most relevant to changes on long time scales—is coherent between the two
latitudes. There is a slight time offset between the two latitudes, such that fluctuations at
26◦N lead those at 16◦N, but this is based mostly on the 2009–2010 shift, i. e. one event.
While the transport observations at 26◦N and 16◦N both rely on the thermal wind
equations (measuring density in order to calculate geostrophic shear), choosing an ap-
propriate reference level to translate shear into absolute velocity remains a challenge. At
26◦N, the reference level is applied as a barotropic compensation by assuming no net
transport across the section on timescales longer than 10-days. At 16◦N, the choice of
no motion near 5000 m was validated by OSSEs and is consistent with bottom pressure
measurements on shorter (sub-interannual) time scales. However, the transport tenden-
cies in the published transports at MOVE 16◦N and RAPID 26◦N are in opposite direc-
tions [Baringer et al., 2017], though the shear is trending in the same directions: here, we
have shown that it is the application of reference levels that causes the difference. The
16◦N transports suggest a strengthening of the overturning by about 8 Sv over the 2004–
14 decade, while the 26◦N transports indicate a weakening by about 4 Sv over the same
period. Note that the methods employed at these latitudes to determine the overturning
differ yet again from those used in other boundary arrays [e. g. Toole et al., 2011, where
the transport changes are identified in density space].
The application of reference levels is therefore a key element of estimating the over-
turning circulation through thermal wind balance. At 26◦N, application of a zero net mass
transport constraint resulted in a reversal in the estimated deep transport tendencies (from
a strengthening southward deep flow, consistent with a strengthening MOC, to a weaken-
ing southward deep flow and reducing MOC). Estimates of the barotropic transport vari-
ability from PIES (Pressure inverted echo sounders) at 16◦N support the use of a deep ref-
erence level, showing that even when incorporating deep pressure gradient fluctuations, the
tendency of transport variability on timescales up to 2-years is not affected (Fig. 13, also
Fig. S5 in Send et al. [2011]). Due to limitations of measuring long records of pressure in
the ocean, the barotropic flow cannot be evaluated over longer timescales. On timescales
where bottom pressure sensors can be used to estimate barotropic transports, the discrep-
ancies in transports between MOVE and RAPID persist—i.e., the ocean is moving as
shown by the individual arrays. However on longer timescales, there is a critical area of
uncertainty in how best to incorporate a choice of reference level in the geostrophic shear
method. This will likely introduce uncertainty in applying the shear method at all loca-
tions where a zero net mass transport assumption cannot be made. While the observa-
tional arrays at 16◦N and 26◦N were validated using OSSEs prior to deployment and ver-
ified with available datasets (including bottom pressure)—both elements of best practice
in designing observational arrays for ocean transports—the results here demonstrate that
methodological uncertainties remain in how to measure the large-scale ocean circulation.
Observations of the large-scale circulation at individual latitudes have revolution-
ized to our understanding of variations in the overturning circulation [Srokosz and Bryden,
2015]. However, efforts to relate the variability observed at different latitudes via differ-
ent measurement designs have proved challenging [Elipot et al., 2013; Mielke et al., 2013;
Elipot et al., 2014]. A clear result of this analysis is that the baroclinic changes driven by
the western boundary densities are consistent between the two latitudes. To reconcile the
discrepancies between the derived transports, the remaining possible explanations are:
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Figure 13. Transport estimates at 16◦N with geostrophic transports referenced to 4950 dbar (green) and
referenced to seafloor pressure as observed from PIES (red). The PIES data were processed with a low-pass
filter (10-day running-mean) to remove tides, and then linearly detrended. The PIES deployments started in
mid-2007 and mid-2008 for the eastern and western site, respectively, and lasted about four years each. The
initial, more exponential, drift occurred before the time period shown in the figure. The southward anomaly
in January 2010 occurs in both curves, and so is not an artefact of using a reference level of 4950 dbar in the
green curve.
• that the oceanic variability, as manifested in the barotropic transport, is actually
distinct at the two latitudes. This would be a dramatic departure from the picture
of a coherent AMOC working like a connected cell across large parts of the ocean
basin.
• that error estimates, observational assumptions, or measures of performance at ei-
ther array are wrong or at least have overlooked important parts of the circulation.
Given that both arrays have spent substantial effort validating their observational
approaches and the underlying assumptions, it is becoming increasingly difficult to
imagine, let alone find, where and what may have been missed.
Here, rather than attempting to modify the method for determining the reference
level at individual latitudes, we investigate in detail the origins of the observed trans-
port variability in order to better understand what the two arrays are measuring. In doing
so, we have highlighted a known area of methodological uncertainty in estimating ocean
transports: that of applying a choice of geostrophic reference level. New investigations
are underway to determine uncertainties in the RAPID 26◦N method of calculating over-
turning transports [Sinha et al., 2018]. Recent advances using satellite-based estimates of
ocean bottom pressure [Bentel et al., 2015; Landerer et al., 2015] show promise at pro-
viding independent estimates of deep ocean transport variability, but due to unconstrained
trends in the satellite data, are not yet able to independently verify the deep ocean trans-
ports. These trends may be resolved as the satellite record increases in length, or could
potentially be resolved by a combination of satellite and Argo-based datasets [Willis and
Fu, 2008]. Sustained flow divergences or convergences between the arrays would also lead
to basin-wide mass imbalances that might eventually be detectable. Whatever the solution
to these discrepancies, they need to be addressed as a priority because these differences
highlight either an inadequacy of the measurement methods or lack of understanding of
the actual circulation patterns. The US AMOC program has called out identifying and
explaining “coherent and incoherent signals between different study sites” as a priority
[Danabasoglu et al., 2016], and this study takes a step in that direction.
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